We derive attenuation models, site response functions, and source parameters from small-magnitude events recorded at a regional scale. Our data set consists of 45 Pyrenean events with magnitude 2.7 to 5.4, recorded at distances from 15 to 200 km, for which about 600 displacement spectra could be computed.
Introduction
Strong-motion prediction is a big challenge. In Europe, empirical strong ground motion models (e.g. Ambraseys et al., 1996; Sabetta and Pugliese, 1996; Berge-Thierry et al., 2003) have been built from very heterogeneous databases, which include records collected for various tectonic contexts. Moreover, these strong-motion databases are still dominated by analog instrument records, and the associated parameters (magnitude, earthquake location) have been derived using different procedures. Hardly any region in Europe can therefore be associated with a specific regional strong ground motion model, most regions having none at all. This lack of regional models is at present a weakness in the chain of seismic risk evaluation. It is caused by the fact that there are not enough strong-motion records to derive regional-specific empirical models.
However, in most European regions, large databases on small earthquakes are available. Associated parameters (magnitude, earthquake location) have been determined homogeneously. The use of such weak-motion data to derive strong-motion predictive relationships is thus a key goal of earthquake engineering (e.g., Boore, 1983; Andrews, 1986; Boatwright et al., 1991; Malagnini et al., 1999; Raoof et al., 1999; Bay et al., 2003) . In order to use these weak motions to predict strong motions, it is essential to specify the physical mechanisms that control earthquake ground motion. These mechanisms are not yet completely understood and many questions are still being discussed:
1. The geometric decay found in some weak-motion studies appears to be superspheric (e.g., Frankel et al., 1990, dependence up to r ‫2מ‬ ). On the other hand, in some empirical strong ground motion studies, a geometric decay in r ‫1מ‬ leads to a negative Q (e.g., Ambraseys et al., 1996; Boore et al., 1997; Berge-Thierry et al., 2003) . The superspheric amplitude decay has been ascribed to the reflection of the upgoing direct wave at the base of the layer above the focus (Frankel, 1991) , and to scattering (Gagnepain-Beyneix, 1987) . According to these phenomena, the geometrical decay should therefore be strongly dependent on the depth of the focus. On the other hand, since large earthquakes are not point sources, but extended finite sources that generate seismic waves at different depths, the scaling of the geometrical spreading might not be the same for small and large earthquakes. Finally, reliable attenuation models are also needed to estimate equivalent magnitudes of historical events from macroseismic intensities, information which is important for seismic hazard evaluation. 2. Several magnitude scales are generally used to characterize small events, some of them based on record duration, others on S-wave amplitudes or on coda characteristics. Historical or practical reasons have governed these practices; however, only a magnitude based on a seismic moment has a physical significance and must be obtained even for small events. 3. There is still a discussion on stress-drop scaling with magnitude (e.g., Mayeda and Walter, 1996; Ide and Beroza, 2001 ). The question is whether this parameter, which despite valid criticism is still called stress drop (Atkinson and Beresnev, 1997) , should be considered as independent of magnitude. 4. Rock site conditions have to be characterized. Velocimetric stations set up for seismic surveys are usually located on hard rock. By contrast, most of the strongmotion stations are located in urban areas on weathered sedimentary soft rock sites. As shown by Steidl et al. (1996) , Boore et al. (1997) , and Lussou et al. (2001) , differences in rock site conditions strongly affect the amplitude and the frequency content of strong motions. It is thus important to quantify site responses, including rock site responses, which are often used as reference sites for spectral ratio computations.
In this article, we wish to address these questions. A large number of studies about inversion of source, path, and site effects have been published (e.g., Andrews, 1986; Boatwright et al., 1991; Ordaz and Singh, 1992; Field and Jacob, 1995; Raoof et al., 1999; Bay et al., 2003; Rietbrock et al., unpublished manuscript) . We use a method based on a twostage analysis of the seismic spectra of the S wave, following Scherbaum and Wyss (1990) and Rietbrock (2001) . The first stage consists in determining the geometrical spreading from a regression of the low-frequency flat level of the displacement spectra versus hypocentral distance. The second consists in a regression of the displacement corrected for the source term, versus frequency; this enables recovery of the corner frequency, the anelastic attenuation, and a frequencydependent site effect. The method is applied to Pyrenean data. The Pyrenees are one of the most seismically active regions in France and Spain, with moderate magnitude events. No specific attenuation curve is available for this area, and almost nothing is known about stress drops of Pyrenean events. Site conditions are also not characterized for the Pyrenean stations.
We have focussed on S waves, which provide useful information for earthquake engineering purposes. Accelerometric and velocimetric stations have recorded a large number of events, providing high-quality data for such a study. For the smallest events, the velocimetric records make it possible to increase the distance range where no accelerograms are available. For such records, the amplitude of the low-frequency part of the spectra is attenuated by the instrument transfer function. Thus, the velocimetric data at frequencies significantly lower than the seismometer eigenfrequency (1 Hz) are not reliable, in spite of a rigorous deconvolution of the instrument response. Such a difficulty does not exist for the accelerometric records, which represent the largest data set at short distances.
The Pyrenean Context
The Pyrenean range has resulted from the collision of the Iberian and Eurasian plates with a low convergence rate. The suture between the two plates, the North Pyrenean fault ( Fig. 1) , is characterized by a sharp Moho jump. The crustal thickness increases from 30 km to the north of the range to 40-50 km to the south (Hirn et al., 1980; Roure et al., 1989) . There is seismic activity along the whole range, with about 35 events of magnitude m b Ն 3.0 each year (Souriau and Pauchet, 1998; Souriau et al., 2001) .
Since 1997 a seismic network of 20 three-component velocimetric stations has been operating in the French Pyrenees to survey the range. It is managed by the Observatoire Midi-Pyrénées (OMP). Twenty other stations are active on the Spanish side of the range. By combining the data from these networks, the OMP publishes yearly bulletins of the regional seismicity (www.omp.obs-mip.fr/omp/rssp/). In addition, the French Environment Ministry has decided to deploy a permanent accelerometric network in its territory. Nineteen stations were installed between 2001 and 2004 on the French side. The data are available at a central site located at the Grenoble Geophysical Observatory (wwwrap.obs.ujf-grenoble.fr). The combined data from these two networks allows for good recording of earthquakes for a large range of distances and magnitudes.
Several magnitude scales are currently used. The OMP uses the classical M L magnitude scale based on the maximum amplitude of the vertical record, with a decay curve valid for Californian data (e.g., Richter, 1958) . At the national level, the Réseau National de Surveillance Sismique (RéNaSS) at Strasbourg uses a similar approach, with a specific amplitude decay of the form aD b (D, epicentral distance and a, b, constants), compatible with Richter's M L scale. The Laboratoire de Détection Géophysique (LDG) of the Atomic Energy Commission uses another French magnitude scale based on the amplitude of the L g wave at distances of 100 to 500 km, with a distance correction defined for the whole national territory. These various procedures, which are derived from those developed for other countries, are not necessarily valid for the Pyrenees, and may result in biased magnitude estimations. A magnitude computation based on a seismic moment with use of an appropriate amplitude decay is thus one of the goals of this study.
Numerous previous studies of crustal attenuation have been conducted in France, but most of them concern L gwave or S-wave coda (e.g., Campillo et al., 1985; Campillo and Plantet, 1991; Chevrot and Cansi, 1996; Lacombe et al., 2003) . Only a few studies specifically concern the Pyrenees. Modiano and Hatzfeld (1982) used S-wave displacement spectra of local events in the western Pyrenees to estimate a frequency-independent quality factor, as well as seismic moments and stress drops. They found Q in the range of 200 to 300. In the same region, a study of coda Q (Herráiz and Mezcua, 1984) led to a mean Q-value of 400, which again is assumed to be independent of frequency. These authors also proposed an empirical relationship between the seismic moment M 0 and the local magnitude M L . Again in the same area, Gagnepain-Beyneix (1987) analyzed coda waves and showed that scattering is the prevailing mechanism of attenuation below 10 Hz. She modeled the quality factor as Q(f) ‫ס‬ q 0 f ␣ and observed strong variations of q 0 and ␣, both laterally and with depth. q 0 ranges from 30 to 140 and ␣ from 0.7 to 1.1, low q 0 and high ␣ being related to fractured areas in the upper crust. A very low coda-Q has also been observed in the eastern Pyrenees (Correig et al., 1990) . L g waves for transpyrenean paths (Chazalon et al., 1993) have been used to simultaneously invert Q and source parameters, assuming that the geometrical attenuation is known. A systematic underestimation of the moment magnitude M w was observed, when compared to M L . Up to now, no study is available at the scale of the whole Pyrenean range with a single method. Moreover, simultaneous inversion of geometrical attenuation, anelastic attenuation, source parameters, and site effects has not been attempted yet.
Data Selection and Spectrum Computation
Data from 18 accelerometric stations and 17 velocimetric stations have been used (see Table 1 ). All of these stations are located on the French side of the range, which is also the most active one. Unfortunately, no Spanish accelerometric data were available at the time of this study. The station characteristics are given in Table 1 as well as the nature of the ground where they are set up. The sampling rate is 125 samples per second for the accelerometers and 62.5 samples per second for the velocimeters.
In the initial selection, events with fewer than three accelerometric records were removed. Owing to the progressive deployment of the accelerometric stations from 2001 to 2002, only 45 events had three or more records (see Table  2 ). These have local OMP-magnitudes ranging from 2.7 to 5.4. For each event, stations at epicentral distances between 15 and 200 km have been selected. As will be seen in the Method section, the far-field approximation procedure requires a minimum distance of about 15 km. The cutoff at large distance was determined by our choice to work with S g waves, and to avoid S n and L g waves, which could possibly lead to different results. Figure 1 shows the paths between earthquakes and stations investigated in this study. Figure 2 gives the distribution of the data as a function of epicentral distances and magnitudes. It shows that velocimetric data allow the data set at large distances to be increased, in particular for small magnitudes.
The S-wave spectra are computed on windows that are 20 sec long, beginning 1 to 5 sec before the S g arrival, depending on hypocentral distance. Such a short window prevents the perturbation of the S g signal by the coda and L g wave at large distance. The coda might influence our results if longer windows were used. At the largest distances, S n may arrive before S g . However, this signal is weak and difficult to identify due to the varying Moho depth across the North Pyrenean fault; thus S g , which is more energetic, will be used at any distance for spectrum computations.
For each record, the Fourier spectrum of the signal is computed after removing the linear trend, and is then corrected for instrumental response in the spectral domain using the transfer functions of the sensors (velocimeters Mark Products L4C [1 Hz]; accelerometers, Kinemetrics episensor), and the amplifications of the recorders. It is then divided by x (where x ‫ס‬ 2pf, with f the frequency) for the velocimetric data and by x 2 for the accelerometric data, in order to obtain the displacement spectrum. The spectrum is then smoothed between 0.5 and 30 Hz for accelerometric data, between 0.5 and 15 Hz for velocimetric data, with the upper limits reflecting the different sampling rates of the two kinds of records. The smoothing is performed, for each spectrum, by computing the mean value over frequency bands of 1 Hz overlapping each other by 0.5 Hz. At low frequency (f Ͻ 1 Hz), windows are reduced to 0.5 Hz with 0.25 Hz overlap. This smoothing is applied in order to eliminate the very high frequency noise without eliminating the highfrequency content due to the site effects, and without oversmoothing the low frequencies. The level of smoothing remains, however, somewhat arbitrary.
The north and east components are combined in the Fourier domain to obtain a single horizontal component, such that 2 2
S(E) ‫ם‬ S(N) S(H) ‫ס‬
(1)
This method assumes that the east and north components have no phase coherency, a hypothesis we checked in our records.
The noise spectra are computed in the same way on the signal between the beginning of the record and the P-wave arrival time. A minimum signal-to-noise ratio (S/N) of 3 is imposed for any frequency used in the inversion. The instrument correction amplifies noise at low frequency both for velocity and acceleration records. However, as the signal and noise spectra are amplified in the same way, the constraint on the S/N ratio rejects the frequencies for which the seismic signal is low. The high quality of the velocimetric sites allows the recovery of some significant signal (S/N Ͼ3) for magnitude 2.7 events up to 200 km. Figure 3 shows the two horizontal records of the acceleration for the 16 May 2002 earthquake (14h56m) at the PYFO station, the raw and smoothed Fourier displacement spectra obtained for the horizontal signal, as well as the noise spectra. As expected, our displacement spectra reveal a flat level for frequencies greater than approximately 0.3 to 0.5 Hz followed by a decay at high frequency. A strong increase is also observed at very low frequency, but this is related to the division by x or x 2 or to the instrumental noise. As a test of robustness of the processing, we checked that the spectra obtained for the PYAT accelerometric station and the nearby ATEF velocimetric station were similar for all the events recorded by both stations (even for a magnitude 3.3 event up to 100 km; see Fig. 3c ). This confirms that the instrumental correction is valid and that accelerometric and velocimetric data can be merged. The final data set consists of 588 spectra (184 from accelerometric records A Qualitative Examination of the Acceleration Spectra
Before analyzing the displacement spectra, we shall first discuss the information in the accelerometric spectra. Figure  4 shows the spectra of the horizontal acceleration obtained at two stations (PYAT and PYAD) for different events. The distances are small, in the 30-60 km range, so the records are not strongly affected by anelastic attenuation. The spectra at PYAT (Fig. 4a) are typical of what is observed at most stations. At low frequency, we note an increase of acceleration with frequency, with a slope close to 2. This is characteristic of a Brune-type source (Brune, 1970 (Brune, , 1971 . When the frequency increases, the spectra become asymptotically flat above the corner frequency f c . This frequency, which is characteristic of the event, decreases for increasing magnitude. In the absence of attenuation, the spectra would remain nearly flat up to the Nyquist frequency. However, a sharp fall-off is observed above f max ‫ס‬ 20 Hz. This f max -value remains identical whatever the event and is characteristic of the station site (Hanks, 1982) ; even so, source effects have sometimes been invoked to explain it (Aki, 1987) . For most of our stations, f max is above 15 Hz, and the flat part of the spectra is only weakly perturbed by the site effects at lower frequency. For this reason, the frequency band 0.5-15 Hz will be used in the inversion. Figure 4b gives an example where this is not the case. At the PYAD station, a sharp fall-off above 22 Hz is observed, but the spectra are not flat below that frequency, and it is hardly possible to identify the corner frequency from a change of slope. The site effect remains important around 5-10 Hz, and considerably distorts the spectrum shape. As most of the earthquakes are well recorded by a large number of stations (13 records for each event on average), we may expect that spectrum distorsions at a few stations will compensate for each other without introducing important biases in the final results. Figure 5 shows the acceleration spectra of event 10 recorded at three stations with very different hypocentral distances. Taking into account the scaling factors on the right, a global attenuation by about 100 may be seen between the nearest and the most remote stations (29 km and 171 km). As will be seen in the next section, it is dominated at low frequency by the geometric attenuation. At large distances, the flat section between f c and f max does not become asymptotically horizontal as it did at a short distance. Rather, there is a decrease in amplitude with increasing frequency, which can be ascribed to anelastic attenuation. It is impossible to estimate either f c or f max visually for such large-distance spectra.
Method of Displacement Spectrum Analysis
The S-wave displacement spectrum A ij (r ij , f) can be written as the product of a source term, a propagation term, and a station term:
where r ij is the hypocentral distance from earthquake i to station j, and f is the frequency. The far-field displacement spectra of a Brune's source model (Brune, 1970 (Brune, , 1971 ) have been considered. As a minimum distance of a few wavelengths is required for the far-field approximation to be valid (e.g., Aki and Richards, 2002) , the use of frequencies down to 0.5 Hz (i.e., wavelengths up to 5 km) imposes a minimum hypocentral distance of about 15 km. The attenuation along the path includes several mechanisms. First, the anelastic decay is represented by a term where v S is the average S-wave velocity along
Qv S the path and Q the average quality factor, which is assumed to be frequency independent. The validity of this hypothesis will be discussed later. Second, we will assume that the geometrical spreading is allowed to differ from the classical 1 r ij form, and can be written as , where R 0 is a saturation
radius below which the decay in is no longer valid. It is ‫מ‬c r ij introduced to avoid a singularity at the origin. The scattering term is not introduced explicitly, so it may contribute to the geometrical spreading term if it is frequency independent, or it may appear as a perturbation in the anelastic term if it is frequency dependent.
S j (f) is the site effect at station j. This term is equal to unity at each frequency in the absence of a site effect. Equation (2) may thus be written as:
This leads to a system of equations where the unknows are the m i values (related to seismic moment) and the corner frequency for each event i, the site term S j (f) for each f c i station j, the parameters Q, c, and R 0 , which concern the propagation, and finally a frequency-independent scaling factor (SF), which is introduced at this stage to allow for fluctuations of the mean amplitude.
In order to simplify the resolution of system (3), we have adapted a method proposed by Scherbaum and Wyss Figure 4 . Examples of acceleration spectra for three events with different magnitudes recorded at two stations: (a) PYAT, which corresponds to typical spectra; (b) PYAD, where the spectra are very strongly distorted by an important site effect. The event number (in brackets) refers to Table 2. The multiplicative factor at the right of each spectrum were applied to the spectra so that they could be compared. Note, in (a) the apparent corner frequencies (diamond), and the fall-off above f max (dot), a characteristic frequency of the station. In (b), the corner frequency for each event must be similar as in (a), but it is hidden by the site effect, and f max is different with a stronger fall-off. Figure 5 . Acceleration spectra of event 10 at three stations with very different epicentral distances. Diamonds indicate the calculated corner frequency for this event (see Table 3 ). Note the change of the slope of the spectra between 3 and 20 Hz, mostly due to the anelastic attenuation.
(1990) and Rietbrock (2001) . This consists in estimating separately the terms that determine the shape of the spectrum from those that depend on the distance and on the source. The first step uses the expression of the displacement spectrum when the frequency becomes close to zero. By introducing the explicit expression of m i (Brune, 1970) , we get:
where R h is the source radiation pattern, assumed to be constant (R h ‫ס‬ 0.63 for S waves), is the seismic mo-M 0 i ment, q and b are the density and the S-wave velocity of the medium at the source (we assume b ‫ס‬ v S ‫ס‬ 3.5 km sec ‫1מ‬ and q ‫ס‬ 2800 kg m ‫3מ‬ ). The factor of 2 accounts for the free surface reflection at the station assuming a quasivertical incidence. This is exact for S H and a convenient approximation for S V (Modiano and Hatzfeld, 1982) . Finally, R 0 is a reference distance below which the form of the attenuation is unknown. Taking the logarithm of equation (4) A(r ij , f r 0) represents the flat part of the displacement spectrum at low frequency. We approximate it by calculating the mean value of A(r ij , f) in the frequency range 0.5-2 Hz, that is, below the corner frequency, which is of the order of 2.5 Hz for a magnitude 5 event (Chevrot and Cansi, 1996) .
For a particular event, the exponent of the geometric attenuation is given by the slope of log 10 (A(r ij , f r 0)) as a function of . Figure 6a gives the example of event (Fig. 6b) , and the mean value is taken as the geometrical spreading exponent for all the events. Once c is known, a correction for the geometrical spreading is applied to the A(r ij , f r 0)-values. For each event, a mean of these corrected values is computed, and the difference between the mean value (which depends on and R 0 ) and the corrected value gives the frequency-M 0 i independent scaling factor (SF) for the particular event considered at station j. Then, the average of these values for all the events recorded at station j gives a frequency-independent scaling factor per station.
Given c and SF,
is obtained for each earthquake in M 0 i the same way, by correcting the zero-frequency amplitude of each record for the geometrical spreading and for the scaling factor, and by computing the mean value. It should be noted that there is a trade-off between and R 0 , except for M 0 i c ‫ס‬ 1 where R 0 vanishes. However R 0 remains independent of the event magnitude as long as the event is small, because an increase in by a factor of k must result in an increase M 0 i in A(r ij , f r 0) by the same factor of k. R 0 corresponds to a volume in which the wave behavior in the vicinity of the source cannot be specified.
Regression versus Frequency: Retrieval of , Q, f c i and S j ( f )
In this section, we focus on the frequency-dependent terms. Equation (3) can be written as:
10 j
Qv S
In the following sections, will be referred to as
In order to retrieve 1/Q and S j (f), a linear regression is applied to the system of equation (6). However, the linear dependence in frequency of system (6) is valid only for the exact value of the corner frequencies, so we first have to determine these values. For each event i, a full range of possible corner frequencies is tested by trial and error in the range 0.5-15 Hz, with steps of 0.1 Hz. The corner frequency is that which provides the best linear fit of the system of equation (6) simultaneously for all the records obtained at the different stations j. This is found by minimizing the residuals between log 10 (A/source) and the linear fits of equation (6), but the frequency domain is limited to f Ͻ 15 Hz, in order to avoid the amplitude fall-off for f Ͼ f max . A linear relationship is found between log 10 (f c ) and M OMP . It will be used to infer the corner frequencies used below, in order to avoid instabilities. This is illustrated in Figure 7 for the 16 May 2002 (14h56m) earthquake (event 10 in Table 2 ), for a selection of stations where it was recorded. The different symbols refer to the different stations, and the dashed lines are the regressions versus frequency for the final value of corner frequency. Each slope gives the Q-value for the path linking the hypocenter to the station, and the fluctuations around the straight line are linked to the frequency-dependent term of the site effect S j (f).
Negative slopes are obtained for some stations, in particular at short distances, which are poorly affected by an- elastic attenuation. This could be because of a trade-off between the corner frequency and the quality factor, as will be discussed later. This could also suggest that other mechanisms, such as scattering, have to be considered.
Results

Attenuation
Geometric Attenuation. As shown in Figure 6a , the c-value obtained from the slope of log 10 (A ij (r ij , f r 0)) as a function of log 10 (r ij ), is correctly defined only if the hypocentral distances are widely distributed over a large range. We have thus selected events with at least 15 records, among which at least three are at a distance of less than 40 km. The slopes obtained (Fig. 6b) are consistent with each other, and lead to a mean geometric attenuation coefficient of c ‫ס‬ 1.19 ‫ע‬ 0.20 (1r error bar). Note that the use of the frequency range 0.5-2 Hz instead of the zero-frequency for defining A(r ij , f r 0) may introduce a bias in the retrieved c-value. For Q ‫ס‬ 360, r ij ‫ס‬ 100 km and R 0 ‫ס‬ 1 km, c is overestimated by 0.1, according to (6). This value is of the same order as the error bar found for c.
In order to test the c-values, we performed a similar analysis in the time domain. Accelerometric data were bandpass filtered in the range 0.5-2 Hz, and for each event the peack ground acceleration of the filtered trace was plotted as a function of epicentral distance (Fig. 6c) . Only accelerometric data were used in this test, thus fewer data are available, leading to larger error bars on the c-values (Fig. 6d) . The mean c-value (c ‫ס‬ 1.34 ‫ע‬ 0.25) is, however, very close to that of Figure 6a . It differs slightly from the usual value, c ‫ס‬ 1 obtained at teleseismic distances, but it is comparable to values reported in the literature for other regional studies Bay et al., 2003; Rietbrock et al., unpublished manuscript) . The value c ‫ס‬ 1, commonly used, is included in the 2r confidence domain.
Anelastic Attenuation. This parameter is clearly the most poorly constrained in our study. Although the hypothesis of a frequency-independent Q is compatible with the linear trend in Figure 7 , it would also be possible to fit the data with a parabolic trend, as would be expected if Q were of the form Q(f) ‫ס‬ q 0 f ␣ Figure 8 gives the different 1/Qvalues obtained for each path with length greater than 50 km, as well as a histogram of these values. The shorter paths, which lead to very unstable results, have been withdrawn. For such paths, local heterogeneities have a large influence on the determination of Q, while for the long paths, an average of the Q factor is more likely to be obtained. Statistically, the most probable value of 1/Q is around 0.00075, leading to an unrealistic high quality factor of Q ϳ 1300. This value is too high compared with those obtained by previous authors (Modiano and Hatzfeld, 1982; GagnepainBeyneix, 1987; Correig et al., 1990; Chazalon et al., 1993) .
This result led us to suspect a trade-off between the quality factor and the corner frequency. We performed numerical tests to analyze the influence of a frequency-dependent quality factor on our linear inversion. We adopted a realistic quality factor of the form Q(f) ‫ס‬ 360 ‫ן‬ f 0.3 , which is rather far from the value we determined, but close to published values. Synthetic spectra were computed for the same paths as the real spectra, and the same parameters, but with this new Q-value and the corner frequencies derived previously. Our method assuming a frequency-independent Q was then applied to the synthetic data. As shown in Figure 9 , it leads to erroneus corner frequencies, in particular for the smallest events, and to a 1/Q-value of about 0.00075, corresponding to Q ϳ 1300. It turns out that the actual quality factor in the Pyrenees is likely to be frequency dependent, and that a nonlinear inversion scheme is needed to resolve the Q-values. This will be developed more extensively in another article proposing a genetic inversion of the spectra.
Source Characteristics
Corner Frequency. Figure 10 shows the domain f c i scanned for performing the regression versus frequency, and the final corner frequencies obtained for each earthquake (dots) as a function of magnitude. Note that for some earthquakes the corner frequency is not retrieved, as the upper limit of the search domain is reached.
Taking into account the resolved corner frequencies, we derived a linear regression between and the local log ( f ) 10 c i magnitude M OMP (solid line in Fig. 10) : ‫ס‬ 1.44 log ( f ) 10 c i ‫)02.0ע(‬ ‫מ‬ 0.22 ‫)50.0ע(‬ M OMP . This may be compared to that obtained by Chevrot and Cansi (1996) for the French territory from L g analysis. As they used the LDG magnitude scale, we rescaled their result to OMP magnitudes using the empirical relation: M LDG ‫ס‬ 0.89‫ן‬M OMP ‫5.0ם‬ (Souriau and Pauchet, 1998) . This gives:
‫ס‬ ‫‪M‬ן13.0מ79.1‬ OMP log ( f ) 10 c i (see dotted line in Fig. 10 ). The agreement is good at large magnitude, for which both L g and S give large amplitudes.
Seismic Moment and Stress Drop.
The seismic moments cannot be determined independently from the reference distance R 0 . A reference distance is always assumed by the authors, at least implicitly. For example, in most teleseismic studies the displacement is usually modeled as:
h 0 3 4pqv r S (e.g., Madariaga, 1976) , which implicitly assumes that R 0 ‫ס‬ 1 km (in fact, R 0 ‫ס‬ 1 in arbitrary units). If the radiation pattern is disregarded, it assumes that the energy is uniformly distributed on a sphere of radius unity around the focus. Another example at a regional scale is given by Richter (1958) , who assumes that a magnitude zero earthquake corresponds to an amplitude of 10 ‫3מ‬ mm at 100 km on a Wood-Anderson seismometer. , Malagnini, Herrman, and Di Bona (2000) , and Malagnini, Herrmann, and Kosh (2000) consider a reference radius for both geometric and anelastic attenuation ranging The shaded area corresponds to the research domain; thick circles are the values obtained for each event from the inversion (thin circles are unresolved values), and the solid line is the best fit for the significant values. The dashed line corresponds to the values obtained by Chevrot and Cansi (1996) from L g waves for France. from 10 to 100 km. In the present study, we assume that this distance corresponds to a small sphere around the source, in which the energy is produced and outside of which the energy decays as r ‫מ‬c . Two distances were tested: 1 and 5 km (assuming c ‫ס‬ 1.19), and in each case the seismic moment was converted into moment magnitude using Kanamori's formula (Kanamori, 1977) : with M 0 in N m (see Table 3 ). In order to determine the validity of the magnitude estimates, we compared them to the different local magnitudes used in France (Fig. 11) . In each case, the moment magnitudes are 0.5 to 1 unit smaller than the local magnitudes, the difference increasing slightly with increasing R 0 . The misfit between moment magnitudes and local magnitudes also increased with event magnitude. As a comparison, Figure 11c shows the same results with a standard geometric attenuation, c ‫ס‬ 1 and R 0 ‫ס‬ 1 km, as in equation (7). The results are not significantly different. Assuming c ‫ס‬ 1.2 and R 0 ‫ס‬ 1 km, we get the relation:
43. This is very close to the result of Herráiz and Mezcua (1984) for a local study around the Pyrenean stations PYAT and ATEF, which leads to: M w ‫ס‬ 0.69 ‫ן‬ M L ‫ם‬ 0.49, once M 0 has been converted into M w using (8). These results are consistent with the theoretical prediction M w ϳ M L /1.5 obtained when the stress drop is assumed to be constant, as shown by Havskov (personal comm., 2005) . Figure 12 shows the relationship between the seismic moment and the corner frequency. According to Brune (1970) , the seismic moment M 0 is related to the radius of the circular source (r s ) by:
where Dr is the stress drop. On the other hand, the corner frequency for S waves is also related to r s by:
Combining equations (9) and (10) We computed independent values of seismic moments and corner frequencies; consequently stress drops could be estimated from equation (12) . As f c cannot be determined for some events (see Table 3 ), stress drops were not computed for these events. Figure 12 shows that the stress drops are scattered, but not dependent on seismic moments. Most of the values are between 1 and 10 bars. They are of the same order as the mean stress drop of 35 bars obtained by Modiano and Hatzfeld (1982) in the western Pyrenees, and the values of 10-30 bars obtained by Gagnepain-Beyneix (1985) in the same region. From a general point of view, the values obtained for weak motions seem to be smaller than those for strong earthquakes. For example, Kanamori and Anderson (1975) found an average value of 100 bars for a worldwilde analysis of large intraplate earthquakes.
Site Effects
As it is obtained from the difference between the observed value of log 10 (A/source) and the linear fit predicted by equation (6), the frequency-dependent site effect will depend on both the corner frequency and the Q-value. However, tests performed with different corner frequencies and different Q-values indicate that the frequency-dependent site effect remains stable, in spite of the trade-off outlined earlier.
On the other hand, a constant term is retrieved at each station from the first step of the inversion ( Fig. 13 and Table 4 ). However, its origin is not clear (see Field and Jacob, 1995) , and it will not be discussed. Figure 14 shows the frequency-dependent site effects derived from this study for the PYLO and PYPE stations for each earthquake (thin curves), and their mean value with one standard deviation (thick and dashed curves). Below 1 Hz, the results are somewhat unreliable, because the small events lack energy at low frequency. For the PYLO station there is a slight increase of the amplification from 1 to 5 Hz, followed by a strong fall-off between 5 and 7 Hz, and then a slow increase until 15 Hz. For station PYPE, there are two amplification peaks, at 2.5 and 5 Hz, and a strong increase near 15 Hz.
Following Field and Jacob (1995) and Chávez-García et al. (1999) , it is interesting to compare site effects derived from the inversion with those from other methods. Site effects derived with the H/V noise method (Nakamura, 1989) have been calculated with the same set of data and for the same stations (see Fig. 15a and b) . The general shape of the curves is in good agreement with those of Figure 14 , but the amplitudes are considerably faded out. At the PYLO site, spectral ratios with reference station as well as H/V ratios were computed for a velocimetric station (CHA) located a few meters away from PYLO (Dubos et al., 2003) . The results are shown in Figures 15c and d . Both curves exhibit a peak between 2 and 5 Hz, as is also observed in our results. The differences in the high-frequency shape of the curves may be due to the methods used. In particular, results of Figure 15c may depend on the choice of the reference station.
Another interesting result concerns the site effects at stations located at rock sites. Figure 16 gives the reponses for these sites. Most of the stations have a nearly flat response, with a mean amplification of 1. However, we can identify two stations (PYLO and PYPM) that have a more complicated response. As shown by Steidl et al. (1996) , near-surface weathering and cracking affect the recorded ground motion, and even stations located on rock sites may have a site effect. . Note the amplification at PYPE ‫)2.3ן(‬ and the amplitude decrease at PYLO ‫.)8.0ן(‬ Table 4 Frequency-Independent Scaling Factors 
Discussion and Conclusion
One of the goals of this study was to determine an empirical attenuation model for the Pyrenean range, and to define a simple procedure for computing moment magnitudes. We have shown that a two-step inversion based on very simple assumptions has allowed us to correctly determine the geometric attenuation, the source parameters (seismic moment and stress drop), and the site effects. The main hypotheses are a Brune-type source, a geometrical attenuation of the form , and the validity of the far-field approx-
imation, which prevents the use of data at distances less than about 15 km, for the frequency range (0.5-15 Hz) we investigated. We have also assumed that the S-wave velocity is the same beneath the source (b) and along the path (v S ). We have shown, in the various steps of our analysis, that these assumptions are justified. However, the difficulty to determine the low-frequency spectrum together with the trade-off between f c and Q make it difficult to resolve these two parameters for the smallest events. In order to see how well the model fits the data, we computed synthetic Fourier spectra with the parameters determined in this study (i.e., corner frequencies, Q, c-value, seismic moments, reference distance, and site effects). Figure 17 shows the residuals between observed and computed spectra as a function of frequency and distance and a histogram of these residuals for earthquakes with magnitude greater than 3.5, for which the parameters (in particular the corner frequency) are assumed to be correctly determined. One can observe that over most of the frequency range (0.5-8 Hz), the difference between the logarithms of the spectra rarely exceeds 0.5. At a higher frequency, the influence of Q, f c , and f max leads to larger residuals.
The mean Q-value we obtained (Q ϳ 1300) is not significant, as shown by the tests on synthetic data. Its determination could be considerably improved by assuming a frequency-dependent Q and performing a nonlinear inversion, as will be shown in another article. The shape of the spectra is also influenced by the site effects, in particular the f max frequency. Its effect is, however, limited here by cutting the high-frequency part of the spectra at 15 Hz, but this also probably decreases the ability to resolve Q and the corner frequencies.
The frequency-independent attenuation (geometrical spreading) is represented by the 1/r c term, with a mean cvalue of 1.2. Numerous weak-motion studies report an attenuation slightly steeper than the classical 1/r variation Bay et al., 2003; Rietbrock et al., unpublished manuscript) . In all these studies, the exponent of the geometrical decay is distance dependent to account for the different types of waves present in the signal. In this work, no distance dependence is observed, but our distance range is limited to 15-200 km. Moreover, the window used to compute the spectra is such that it only includes S g . We performed some tests using a window between the S-wave arrival time and two times the S-wave arrival time, which led to a geometric attenuation of the form 1/r 2 . This c-value of 2 is close to that obtained from a coda analysis by Gagnepain-Beyneix (1987) in the western Pyrenees. Frankel et al. (1990) also found a geometrical decay as 1/r 2 for S waves using the coda normalization method in southern California. This suggests that the coda influences the signal before twice the S-wave arrival time, which is often assumed to be the beginning of the coda. However Frankel et al. (1990) showed that, depending on the velocity structure, geometrical spreading can be steeper than r ‫1מ‬ at short distances (Ͻ100 km). They simulated this with a source located below a layered structure, and showed that some energy is reflected downward, leading to a supercritical geometrical attenuation. If such a mechanism is valid, then c could be dependent on focal depth. We did not observe such a dependence with our data (i.e., see Fig. 6b and Table 2 ; earthquakes with different depths lead to similar c-values) .
Another important result concerns the source characteristics. The Brune-type source model assuming a single corner frequency and a f 2 fall-off seems realistic for the small earthquakes analyzed here (see Fig. 7 ). The classical hypothesis of constant stress drop recently defended by Ide and Beroza (2001) seems to be valid for the Pyrenees in the magnitude range 2.7 to 5.4 (Fig. 12) . The magnitude computation from the flat part of the spectra leads to moment magnitudes that scale with the local magnitudes computed by the different institutions, as predicted by the theory, but they are systematically lower. The magnitude computation could certainly be improved by taking into account a 3D model for the crust, but such a model is not yet available with a sufficient definition for the whole Pyrenean range.
Finally, an interesting result of our study was the recovery of the site effects in a simple way, which gives an alternative to other methods, such as the H/V method and the spectral ratio with reference station method, based on different assumptions (no site effect on the vertical component for the former, and no site effect on the reference rock site for the latter). This study has also shown the advantage of deploying broadband velocimeters in seismic regions, as the recovery of the low-frequency part of the spectrum may be poor with short-period velocimeters and accelerometers. The low-frequency spectral component is crucial for a robust Figure 14 ; (c) and (d) spectral ratio with reference station and H/V noise for the CHA station located close to PYLO, from Dubos et al. (2003) .
determination of both geometrical spreading and seismic moments.
